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INTRODUCTION
The canonical wind-forced upper ocean 
circulation in the North Pacific Ocean 
consists of a basin-wide, asymmetrical, 
clockwise rotating subtropical gyre with 
an intensified northward boundary cur-
rent, the Kuroshio, on its western side, 
and a broad, weak, southward current in 
the east (Sverdrup, 1947). Between about 
17°N and 25°N, a vigorous field of meso-
scale eddies form in the eastward-​flowing 
and baroclinically unstable Subtropical 
Countercurrent (STCC; Figure 1; Qiu, 
1999; Qiu and Chen, 2010). At lower lat-
itudes (7°–21°N), the southern branch 
of the subtropical gyre forms the stable 

North Equatorial Current (NEC) that 
transports cool water from the eastern 
and central Pacific to the west (Kobashi 
and Kubokawa, 2012; Wang et  al., 
2016; Schönau and Rudnick, 2015; Qiu 
et  al., 2017). Further south (3°–10°N), 
two geostrophically adjusted western 
boundary currents—​the southward-​​
flowing Mindanao Current (MC) and 
the northward-​flowing New Guinea 
Coastal Current (NGCC)—​converge to 
feed the highly variable and barotropi-
cally unstable eastward-flowing North 
Equatorial Counter-Current (NECC) 
(Wyrtki and Kendall, 1967; Philander 
et al., 1987; Reverdin et al., 1994; Qiu and 
Lukas, 1996; Yu et al., 2000; G.C. Johnson 
et  al., 2002; Kashino et  al., 2009; Qu 
et al., 2012; Schönau and Rudnick, 2017). 
Two quasi-permanent, counter-rotating 
eddies form to the east of Mindanao (the 
Mindanao Eddy, or ME) and Indonesia 
(the Halmahera Eddy, or HE) to close the 

nonlinear momentum budget (Arruda 
and Nof, 2003).

The western tropical Pacific (WTP) 
is distinguished from mid-latitudes by a 
weak Coriolis force with a strong change 
in relative vorticity with latitude displace-
ment (β-effect) and relatively consistent 
heating throughout the year that leads 
to a muted seasonal cycle (Bathen, 1972) 
and a deep isothermal layer (Chang, 
1993). Combined with heavy rainfall that 
maintains a barrier layer (shallower halo-
cline than thermocline), stratification in 
the WTP is strong relative to other ocean 
regions (Emery et al., 1984). Observations 
provide evidence that surface layer cur-
rents in the tropical Pacific are roughly in 
geostrophic balance (E.S. Johnson et  al., 
1988; Lagerloef et al., 1999), and they are 
an ageostrophic component of the flow.

Another distinguishing feature of 
the WTP is its highly variable topogra-
phy. A series of outcropping volcanic 
ridges make up the Mariana Island chain 
(14°–25°N, 140°–145°E), and south-
west of the Marianas, a number of small 
islands dot the ocean. These include Palau 
(6°–8.5°N, 134.5°E), where very steep bot-
tom topography features act as barriers, 
disrupting mean currents and barotropic 
tides. The islands play a dual role—as a 
source of energy by initiating develop-
ment of internal waves and eddies on the 
one hand, and as an energy sink, through 
bottom friction and form drag, on the 
other. The eddies (Huppert and Bryan, 
1976; Dong and McWilliams, 2007), 
internal tides (Schott, 1977; Holloway and 
Merrifield, 1999), lee waves (Bell, 1975), 
inertial waves (Nikurashin and Ferrari, 
2010), submesoscale (Capet et al., 2008b), 
and other flow features that form in the 
presence of the islands contribute to a 
transfer of kinetic energy a different range 
of length scales than the source. Rhines 
and Bretherton (1973) and Reznik and 
Tsybaneva (1999) used two-layer mod-
els to characterize the effects of topogra-
phy on the structure of the first baroclinic 
mode. Both studies found that rough 
topography can affect surface layer flow.

Observations indicate that in the 

ABSTRACT. We aim to understand the surface kinetic energy cascade across a wide 
range of length scales in the western tropical Pacific (WTP) and the influence of both 
climatic dynamics and topography using a high-resolution (2.5 km) model nested 
within a coarser (8 km) state-estimate model. The period of interest includes the devel-
opment and realization of the 2014–2015 El Niño. The energy cascade in the WTP is 
similar to that of the extratropics, with simultaneous dual inverse and forward cascades 
of kinetic energy to larger and smaller scales, with the strongest source of energy near 
the local baroclinic Rossby radius. We find that topography enhances the strength of 
the mean surface cascades in both forward and inverse directions, altering the energy 
transfer in the WTP on both long timescales important for determining the mean dis-
tribution of kinetic energy across a range of length scales and short timescales relevant 
for dynamical prediction.

IN PLAIN WORDS. Wind, tides, and other processes put energy into the ocean. 
Understanding whether this energy goes into the large circulation flows around the 
globe (inverse cascade) or is lost to friction (forward cascade) is important when trying 
to predict the ocean over days to years. In this paper, we use three different numerical 
model simulations to examine the western tropical Pacific around the island nation of 
Palau to identify where the energy goes when flows encounter the islands and how the 
islands change this transfer. We find that the flows that interact with the islands help 
move energy into both small and large flows. Around Palau, energy is primarily put into 
the ocean at around 200 km length, which corresponds to eddies (storms in the ocean) 
and winds. We find that to properly capture this inverse energy cascade requires a fine 
resolution numerical model that can represent the islands. Without islands included, 
the energy that goes into the large circulation flows is lost, and that will affect longer- 
term predictions. This result demonstrates that flows encountering steep topogra-
phy play a key role in moving energy from one scale to others. This energy transfer is 
important to the ecology and predictability of the western tropical Pacific.
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extratropics, there is an inverse cascade of 
kinetic energy toward larger length scales, 
and the possibility of a forward cascade 
at smaller length scales (Scott and Wang, 
2005; Arbic et al., 2013). Geostrophically 
balanced motions at scales close to the 
first baroclinic Rossby radius participate 
in an inverse cascade. At smaller scales, 
lateral buoyancy gradients at the surface 
can lead to shallow baroclinic instabilities 
in the mixed layer that transfer available 
potential to kinetic energy in an inverse 
cascade as they restratify the mixed layer 
(Boccaletti et al., 2007). Surface buoyancy 
gradients can also participate in a forward 
cascade through the process of fronto-
genesis (Capet et al., 2008a). The features 
that distinguish the dynamical regimes 
of the western tropical Pacific from other 
regions may be responsible for differ-
ences in the characteristic energy trans-
fer that may alter regional predictability. 
The goals of this paper are: (1) to char-
acterize the energy flow in the western 
Tropical Pacific, and (2) to assess the 
effects of the island barriers on the hori-
zontal energy transfer at the surface, with 

the underlying goal of understanding the 
further-reaching implications they may 
have for predictability.

Theoretical modeling experiments 
conducted for idealized ocean environ-
ments support the observational find-
ings of Scott and Wang (2005), sug-
gesting that non-rotating, stratified 
three-​dimensional fluids exhibit forward 
cascades, whereas two-dimensional geo-
strophically balanced fluids produce 
inverse, total energy cascades (poten-
tial plus kinetic; Lindborg, 2006; Salmon, 
1998). Early studies in flat-bottomed, 
rotational domains disagreed, however, 
on the direction of energy flow in the 
baroclinic mode(s) (Fu and Flierl, 1980; 
Salmon, 1998). More recent investiga-
tions indicate that the rotational—or geo-
strophic—part of the flow has an upscale 
kinetic energy transfer, whereas the 
divergent—​ageostrophic—​part is down-
scale (Capet et  al., 2008b; Brüggemann 
and Eden, 2015; Marino et  al., 2015), 
and furthermore that these dual-​
direction cascades can exist simultane-
ously (Callies and Ferrari, 2013; Marino 

et  al., 2013; Pouquet and Marino, 2013; 
Bühler et  al., 2014; Brüggemann and 
Eden, 2015; Marino et al., 2015). None of 
these studies were conducted with vari-
able bottom topography, although Scott 
and Wang (2005) discuss the possibil-
ity that islands arrest the barotropization 
process that fuels the inverse cascade. 
We can then hypothesize that the theory 
supports the possibility of simultaneous 
inverse and forward kinetic energy cas-
cades in the WTP surface.

To characterize the energy transfer in 
the western tropical Pacific, we diagnose 
several aspects of the surface velocity 
field in a regional 8 km horizontal resolu-
tion state estimation and a submesoscale-​
resolving 2.5 km nested forward model 
within it, including calculation of the 
spectral energy flux at the surface, where 
mesoscale dynamics have been shown to 
be representative of dynamics at greater 
depths in the presence of rough topogra-
phy (LaCasce, 2017; Trossman et al., 2017).

MODEL BACKGROUND
The Regional Ocean Model System 
(ROMS) is used together with a ver-
sion of four-dimensional Physical-space 
Statistical Analysis System (Courtier, 
1997) to create an 8 km resolution state 
estimate of the western tropical Pacific 
for the 2014–2017 time period (hence-
forward the 8 km model). A 2.5 km reso-
lution forward model (the 2.5 km model) 
is nested within it. ROMS is a terrain-​
following, hydrostatic, and Boussinesq 
three-dimensional model of the prim-
itive Reynolds-averaged Navier-Stokes 
equations (Shchepetkin and McWilliams, 
2005, 2008). Both models are imple-
mented with a free surface in spheri-
cal coordinates, tidal forcing, and the 
K-Profile Parameterization (KPP) turbu-
lence closure model (Large et al., 1994).

Figure 1 shows the domain for the 
models. The 8 km model uses lateral 
boundary conditions from the global 
Navy Coupled Ocean Data Assimilation 
(Bleck 2002; Cummings 2005). Barotropic 
tidal forcing is prescribed using TOPEX/
Poseidon global inverse solutions (Egbert 

FIGURE 1. Bottom depth with schematic of major currents in the region. The Subtropical 
Countercurrent (STCC), North Equatorial Current (NEC), North Equatorial Countercurrent (NECC), 
Mindanao Current (MC), Kuroshio (KC), Mindanao Eddy (ME), and Halmahera Eddy (HE) are indi-
cated by arrows or ellipses. The boundaries of the 2.5 km model domain are marked with dashed 
black lines and labeled as Region D. The boundaries of the three square domains (640 km on a 
side) used for calculation of the spectral energy flux are marked by yellow (Box A), magenta (Box B), 
and red (Box C) colored lines.
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and Erofeeva, 2002). Atmospheric forc-
ing comes from the National Centers 
for Environmental Prediction Global 
Forecasting System (Kistler et al., 2001). 
The 8 km state estimate is generated 
through making adjustments to the ini-
tial conditions, atmospheric surface forc-
ing, and lateral boundary conditions in 
an iterative minimization procedure, 
with the goal of reducing a global model 
data residual function, that is normalized 
by the parameter-dependent expected 
variances. The data assimilation window 
length is seven days.

The 2.5 km model (region D in 
Figure 1) is offline nested within the 
output of the 8 km state estimate. The 
remotely generated barotropic and baro-
clinic tides (e.g., from the Luzon Strait) in 
the 8 km model are spectrally propagated 
into the domain from their application 
at the lateral boundaries (Janekovic and 
Powell, 2012). The model also resolves 
local baroclinic tides that are generated 
within the domain (e.g.,  through inter-
action with steep topography).

WESTERN TROPICAL PACIFIC 
REANALYSIS (8 KM MODEL)
Assimilated Data
Assimilated data in the 8 km model include 
satellite measurements of sea surface tem-
perature, sea surface height anomaly, and 
sea surface salinity as well as in situ mea-
surements of temperature, salinity, and 
east and north velocity components from 
a combination of moorings, gliders, and 
floats. Daily 10 km resolution sea sur-
face temperature maps are obtained from 
the Naval Oceanographic Office (NAVO) 
blended product, which combines data 
from three orbiting and two geostation-
ary satellites (May et  al., 1998). Sea sur-
face salinity is assimilated from maps of 
the NASA Aquarius satellite. Satellite-
based estimates of along-track sea surface 
height anomalies are from AVISO. Before 
assimilation, we add the mean sea surface 
height as obtained from a companion for-
ward model that is initialized and forced 
identical to the 8 km model. We also add 
tides to the sea surface height anomaly 

values. The average number of observa-
tions and their standard deviations in a 
seven-day period are 240,667 ± 33,313 
for NAVO, 28,907 ± 5,282 for AVISO, and 
1,151 ± 46 for Aquarius satellites.

Observations of temperature, salinity, 
and horizontal current components come 
from two TOGA-TAO Array moorings at 
8°N, 137°E and 5°N, 137°E (McPhaden, 
1995). Twenty-minute (temperature/
salinity) or hourly (currents) data are 
low-pass filtered at six-hour intervals, 
then subsampled every two hours, before 
assimilation. Temperature and salinity 
profiles to 1,000 m depth are retrieved 
from repeated underwater glider sec-
tions on either side of the Palau ridge at 
134.25°E and 135°E between 7.75°N and 
9°N. Temperature and salinity profiles are 
assimilated from the Argo Program array 
of approximately 3,000 floats that profile 
between the surface and 2,000 m every 
10 days (Oka and Ando, 2004). The aver-
age numbers of in situ observations for 
both temperature and salinity in a seven-​
day period (and percentage of time the 
data are available) are 8,642 ± 3004 (65%) 
for the gliders, 4,292 ± 1,415 (100%) for 
Argo, and 4,416 ± 2,319 (79%) for the two 
TOGA-TAO moorings. For velocity com-
ponent data from the TOGA-TAO moor-
ings, the corresponding statistics are 
194 ± 61 (66%).

The normalization variances for the 
different types of data are calculated sepa-
rately. For the NAVO sea surface tempera-
ture observations, space/time dependent 
variances are provided by the US Navy. 
We use a constant standard deviation of 
0.04 ppt (parts per thousand) for Aquarius 
sea surface salinity. The AVISO sea sur-
face height anomaly standard deviation is 
either 5 cm or 7 cm, depending on the sat-
ellite. For the depth-dependent mooring, 
glider, and Argo observations, we calcu-
late the mean variance for a selection of 
moorings in the tropical and subtropical 
Pacific, as well as the glider data in our 
domain; these data are binned by depth 
after removal of the time and depth bin 
mean for each seven-day interval, then 
averaged over the entire time period.

Assimilation Results
On average, the cost function that mea-
sures the residual between the model and 
the observations is reduced by 50% in 
the analysis step after 13 iterations of the 
minimization procedure. Two indepen-
dent measures of how well the model is 
approximating the data are: (1) the root-
mean-square anomalies (RMSA) between 
the model and the data, and (2) the cross 
correlations of the observed to modeled 
anomalies (ACC), calculated as the mean 
cross correlation between the observa-
tions and their post-assimilation model 
counterparts over the period of one day. 
The former is a bulk measure of how well 
the model represents the observed values, 
and the latter is a measure of how well the 
model represents the observed patterns.

Figure 2a,b shows the 2014–2017 
mean RMSA for NAVO sea surface tem-
perature for the forecast (i.e., model out-
put pre-assimilation) and for the analysis 
(post-assimilation) step of the calculation. 
The largest biases between the model and 
the data are in the region of the STCC, 
which supports a vigorous eddy field 
(Qiu, 1999; Qiu and Chen, 2010). This is 
likely because the model does not track 
the phasing of the westward-propagating 
eddies. With assimilation of all the vari-
ables, the phasing error and the RMSA in 
this latitude range (approximately north 
of 20°N) are both reduced. The spatially 
averaged temperature RMSA presented 
as a function of time (Figure 2c) varies 
between 0.2°C and 1.5°C during the fore-
cast step. The sporadic, very large excur-
sions that last five to 10 days (e.g., in July 
of 2015) occur during the passages of 
hurricanes and tropical storms. Similar 
results are achieved for AVISO. The 
assimilation of Aquarius measurements 
did not significantly reduce the model-​
data misfit for sea surface salinity.

The in situ measurements show that 
the model well represents the variabil-
ity of the temperature as a function of 
depth (not shown). The vertical struc-
ture of the residuals mirrors that of the 
temperature profile itself, with the largest 
RMSA in the main thermocline between 
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approximately 100 m and 200 m depth. 
The largest improvements in RMSA and 
ACC are in the thermocline for all of the 
in situ measurements.

The salinity profiles are not as well rep-
resented in the model as temperature, and 
this has implications for the water mass 
properties in the model, which could alter 
some dynamics. The Argo salinity ranges 
include some locations where the salinity 
is much lower than in the model between 
400 m and 100 m, and the reduction in 
RMSA (increase in ACC), when averaged 
over space, is confined to the upper 200 m 
of water (not shown).

ANALYSIS TOOLS
We examine the surface layers of the 
models using two different metrics for 
the energy present: (1) the spectral den-
sity of kinetic energy, and (2) the spectral 
energy flux. All of the analyses’ metrics 
are computed for Region  D of Figure 1. 
Because of the spatially variable bottom 
depth and challenges with interpola-
tion from terrain-following depth sur-

faces (i.e.,  σ coordinate model) to con-
stant depth levels, we have restricted our 
analyses to the surface layer, which has a 
nominal depth of 2.5 ± 0.2 m.

Spectral Density of Kinetic Energy
The spectral density of the kinetic energy,

	
ΓKE(t) =

1

2H∆k

Z 0

H
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is calculated at each time step (and then 
averaged over the indicated time period), 
following Brüggemann and Eden (2015), 
where H = 2.5 m is the average depth of 
the surface layer, Δk is the total horizon-
tal wavenumber increment, and u' is the 
vector of horizontal velocity components 
for the surface layer relative to the time 
mean (for the 2014–2017 period). The 
term û' designates that a discrete two-​
dimensional Fourier transform has been 
applied in space, and * indicates the com-
plex conjugate. There is an implied azi-
muthal integration to convert the two-​
dimensional spectral density into a 
one-​dimensional radial profile.

Spectral Energy Flux
The horizontal component of the spectral 
energy flux, Π(K), is calculated separately 
at each time step based on the equations 
presented in Capet et al. (2008b):
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where K is the total horizontal wavenum-
ber with Khi = 1 /4δx, θ is the azimuthal 
angle, and δx is the grid cell length. Khi is 
highest total wavenumber we expect to 
be resolved by the model, instead of the 
Nyquist wavenumber. Note that we inten-
tionally omit calculation of the vertical 
component of Equation 2 as our intent 
is to describe the horizontal transfer of 
energy. The advection is calculated from 
the surface layer of horizontal velocity 
(relative to the time mean for the 2014–
2017 period), which is prone to noise. 
All of the derivatives in this equation are 
based on fourth-order finite difference 
equations, which are combined in wave-
number space. To reduce artificial discon-
tinuities in the derivatives, the land values 
are replaced with a two-​dimensional spa-
tial linear average of neighboring water 
pixels prior to differentiation. However, 
after removal of the spatial mean, the land 
pixels are reset to zero. (Note here that the 
fraction of the number of land pixels to 
the total number of pixels in our domain 
is 0.5%.) The resulting processed two-​
dimensional velocity anomaly and advec-
tion of momentum fields were multiplied 
by a Hamming window before applica-
tion of a two-dimensional Fourier trans-
form. The spectral terms were linearly 
combined to calculate the integrand of 
Equation 2, which was then integrated in 
wavenumber space to calculate Π(k). At 
each three-hourly time step, the spectral 
energy flux was calculated for the three 
square subdomains of approximately 
640 km × 640 km on a side (Boxes A–C in 
Figure 1), which were then linearly aver-
aged. We subsampled the spectral energy 
time series at the (calculated) seven-day 
complex velocity anomaly decorrelation 
period (defined as the timescale corre-
sponding to an average cross correlation 
of 0.5) before averaging in time. 

FIGURE 2. Naval Oceanographic Office (NAVO) sea surface temperature root-mean-square anom-
alies (RMSA) for the 8 km model state estimate of the western tropical Pacific for the 2014–2017 
time period. (a) Spatial map, forecast step. (b) Spatial map, analysis step. (c) Spatially averaged time 
series of RMSA.

a

c

b



Oceanography  |  December 2019 141

For long-term averages in time, the sign of Π(K) indi-
cates the direction of the energy transfer, with negative 
values corresponding to an inverse cascade toward lon-
ger length scales and positive values corresponding to a 
forward cascade toward shorter length scales (Scott and 
Wang, 2005). In that case, the slope of Π(K) suggests 
whether there is a source (positive value) or sink (nega-
tive value) of kinetic energy as a function of wavelength.

MEAN DYNAMICAL CONDITIONS
All of our analyses are calculated for the region con-
taining the NEC and the NECC (Region D of Figure 1). 
The spectral energy transfer at latitudes north of 15°N 
is described elsewhere (Scott and Wang, 2005).The sur-
face layer of the western tropical Pacific is characterized 
by strong stratification (Froude numbers Fr of 0.02–0.03), 
moderately nonlinear flow with slow rotation (Rossby 
number, Ro, in 0.3–1.5 range) and a large internal wave-
guide (N/f between 10 and 30, where N is the Brunt-
Väisälä buoyancy frequency, and f is the Coriolis param-
eter). This places the dynamical regime somewhere in 
between those considered by Marino et  al. (2015) and 
Brüggemann and Eden (2015). The time-averaged spec-
tral density of kinetic energy (ΓKE) for the El Niño (2014–
2015) period in the 2.5 km model (Figure 3) as calculated 
for Region D of Figure 1 shows that there is more vari-
ance in the kinetic energy at all wavenumbers. This result 
is similar to what Kjellsson and Zanna (2017) found in 
global models and raises the possibility that the baro-
tropization process is weaker in the 8 km model, result-
ing in a more baroclinic flow with reduced conversion of 
energy from potential to kinetic.

In the 10–160 km/cycle length scale range, the slope of 
the energy spectrum is close to –2, and for scales larger 
than 160 km/cycle, the slope is closer to –1. A simi-
lar shape is observed in the 8 km model, but the wave-
length about which the slope changes magnitude shifts 
to around 500 km/cycle, and more particularly, the slope 
at scales smaller than that is –2.5. The flattening of the 
slope from –2.5 to –2 upon grid refinement is expected 
as a result of better resolution of submesoscale features, 
which can be much larger in the tropics than at mid-​
latitudes (Marchesiello et  al., 2011). For the January–
September 2015 time period, there are also proportion-
ately fewer points with low relative vorticity (i.e.,  in the 
[−0.15 f , 0.15 f ] range), and more points with large rel-
ative vorticity (i.e., outside of that range) in the 2.5 km 
model than in the 8 km model (compare panels a and 
b in Figure 4; see also Figure 5a). The mean spatial dis-
tributions of positive and negative relative vorticity in 
the 2.5 km model are asymmetrical (Figure 5b), consis-
tent with observations (Rudnick, 2001; Shcherbina et al., 

FIGURE 3. Mean El  Niño (2014–2015) spectral density function of east and 
north velocity surface currents for the 2.5 km and 8 km models (calculated for 
Region D in Figure 1). The 95% confidence intervals are shown for each curve 
with black lines, and the slopes of the curves in wavenumber space are indicated 
in black text.

a

b

FIGURE 4. Snapshots of surface relative vorticity normalized by the Coriolis 
parameter (f ) on January 16, 2015, for (a) the 8 km model, and (b) the 2.5 km model. 
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2013) and models (Capet et  al., 2008a; 
Roullet and Klein, 2010; Klein et  al., 
2011). The skewness is 0.25 ± 0.18 for 
the 2.5 km model, characteristic of a lon-
ger tail for ζ > 0, whereas it is statistically 
indistinguishable from zero in the 8 km 
model (–0.07 ± 0.16). Although the skew-
ness is smaller than found in Capet et al. 
(2008a) (1.3 for the California Current) 
and Shcherbina et al. (2013) (2.5 for the 
North Atlantic mode water production 

region in winter), the WTP has a rela-
tively shallow mixed layer and a strongly 
stratified pycnocline that could suppress 
submesoscale vorticity. Without creat-
ing a finer resolution model, we cannot 
determine whether the 2.5 km model is 
merely submesoscale permitting or sub-
mesoscale resolving. We can say with cer-
tainty that the 2.5 km model resolves at 
least some submesoscale features and that 
it plays a role in broadening the spread of 

surface ζ toward higher values.
Assuming that the surface current 

speed is oriented along an unstable front, 
length scales can be assigned to the relative 
vorticity (Lζ = S /ζ ) where S and ζ are the 
pointwise current speed and relative vor-
ticity, respectively, at a given time. As an 
example, Figure 6 shows the distribution 
of surface length scales from a snapshot 
on January 16, 2015, during the height of 
the El Niño period for both models. This 
illustrates that the length scale distribu-
tions in the 2.5 km and 8 km models dif-
fer roughly over the 0–200 km range, with 
a larger fraction of points at length scales 
between 35 km and 200 km in the 2.5 km 
model than in the 8 km model, which is 
approximately the range of island diame-
ters (Palau has a diameter of 200 km). It is 
also clear from Figure 4b that lateral gra-
dients of ζ in the 2.5 km model are stron-
ger in the vicinity of the island wakes.

DYNAMICS
The 2014–2017 time period spans two 
distinct physical regimes. In 2014, the 
El  Niño phase began with a shoaling of 
the thermocline in the western Pacific, but 
it pauses (though the northwestern Pacific 
remained in an El Niño phase) until 2015 
with the full El Niño. In 2016, the sea sur-
face height is restored and there is a transi-
tion to normal conditions during and after 
the arrival of several Rossby waves. In this 
section, we discuss the energy transfer for 
the El  Niño 2014–2015 period (techni-
cally, February 2014–January 2016).

Energy Transfer
During both the El  Niño (2014–2015) 
and the transition (2016) periods, the 
spectral energy flux is highly variable 
in time, consistent with previous stud-
ies (Scott and Wang, 2005). The El Niño 
mean spectral energy flux indicates that 
there are simultaneous dual cascades to 
larger and smaller scales in both mod-
els (Figure 7). The spectral energy flux 
profiles in the 8 km and 2.5 km models 
show that there is energy input at scales of 
around 200 km/cycle, a range that over-
laps with that of the first baroclinic Rossby 

FIGURE 6. Snapshot of probability distribution of length scales in kilometers 
on January 16, 2015, in 8 km and 2.5 km models for Region D of Figure 1.

Mean PDF of ζ / f (Jan–Sep 2015) 2.5 km: PDF of ABS (ζ / f )

ζ / f ABS (ζ / f )

ζ / f  > 0

ζ / f  < 0

FIGURE 5. (a) Mean probability distribution and standard deviation of relative vorticity (ζ ) normal-
ized by the Coriolis parameter (f ) for the 2.5 km model domain for the January–September 2015 
time period. Prior to averaging and calculation of the standard deviation, the probability density 
function (PDF) is subsampled every 28 days (the mean decorrelation time for kinetic energy for the 
domain after the time mean is removed), resulting in nine records, shown for both the 2.5 km and 
the 8 km models. (b) Relative vorticity for 2.5 km model shown as a function of absolute value of ζ.

a b



Oceanography  |  December 2019 143

deformation radius in the region (Emery 
et  al., 1984; Chelton et  al., 1998) as well 
as the Rhines β-scale (Rhines, 1975) and 
generalized Rhines β-scale to account for 
stratification (Theiss, 2006). This suggests 
that the horizontal component of energy 
transfer in the western tropical Pacific 
behaves much like the energy transfer at 
higher latitudes and supports the theory 
(as discussed in Scott and Wang, 2005) 
that there is a source of energy near the 
baroclinic Rossby radius of deformation. 
The theory states that energy transfers 
upscale to the first mode, where it transfers 
to even larger scales during barotropiza-
tion. The strength of the inverse cascade 
is greater in the 2.5 km than in the 8 km 
model. In the 80 km/cycle–160 km/cycle 
range, the horizontal component of the 
spectral energy flux is of about the same 
magnitude in both models. It is worth 
noting that the forward cascade is slightly 
stronger in the 2.5  km model in the 
30−70 km/cycle length scale range, which 
overlaps with the range of island scales, as 
well as the range where Lζ is larger in the 
2.5 km than in the 8 km model.

Islands
To disentangle the effects of the islands 
on the energy transfer from submesoscale 
energy transfer, we create a version of the 
2.5 km model where we have replaced all 
topography shallower than 2 km with a 
value of 2 km, removing all islands and 
seamounts from the interior of the domain 
while retaining the spatial variability in 
original topography below 2 km (i.e.,  all 
shallow topography in the interior has 
been shaved off). This 2.5 km no-islands 
model, however, still includes the island 
of Mindanao on the western boundary, 
which is important for getting the canon-
ical circulation in the WTP right. The 
El Niño (2014–2015) kinetic energy spec-
trum for the 2.5 km no-islands model is 
statistically indistinguishable from that 
for the 2.5 km model, although the mean 
spectrum for the 2.5 km model is slightly 
higher at all wavelengths (Figure 3). This 
suggests that the characteristics of the 
energy transfer might also be similar. 

However, as Figure 7 shows, they differ. 
The horizontal component of the inverse 
and forward cascades for the surface layer 
are about twice as strong in the presence of 
islands. Without calculating further diag-
nostics that extend below the pycnocline, 
we cannot definitively identify the types of 
instabilities responsible for this difference. 
However, the 2.5 km model is at least sub-
mesoscale permitting; the submesoscale 
can be ageostrophic (Capet et al., 2008b), 
and ageostrophic flow has a forward cas-
cade of kinetic energy (Brüggemann 
and Eden, 2015).

To summarize, the net effect of the 
islands during an El  Niño year, as diag-
nosed from an evaluation of surface 
flows, is that the islands enhance the 
strength of the horizontal component of 
both the inverse and the forward kinetic 
energy cascades. The forward cascade is 
likely boosted through the creation of 
smaller scales as the tides and currents 
interact with the topography. The facts 
that the eddy energy budgets (for the sur-
face layer, not shown) and the magni-
tude of the inverse cascade are strongest 
and largest in the 2.5 km model suggest 
that resolving rough topography, in addi-

tion to the submesoscale, is important for 
getting the energetics right. Whether this 
result holds up for a three-dimensional 
calculation of the total spectral energy 
flux is left for future work. Here, we can 
point out that our results are valid when 
the horizontal part of the spectral energy 
flux is calculated for a 100 m thick, verti-
cally averaged velocity layer, for the same 
time interval (not shown). As a func-
tion of time, the variability in the spectral 
energy flux during the El  Niño (2014–
2015) is similar in the two models, with 
a correlation coefficient of about 0.5 at 
800 km/cycle. Where the spectral energy 
fluxes differ most is in 2016, during the 
transition back to near normal condi-
tions, as discussed in the next section.

DISCUSSION AND 
CONCLUDING REMARKS
Despite unique dynamical conditions, 
energy transfer in the western tropi-
cal Pacific behaves similarly to that in 
the extratropics (Scott and Wang, 2005; 
Capet et al., 2008b), with an inverse cas-
cade at scales overlapping with the first 
baroclinic Rossby deformation radius 
to the basin scale, and a weaker forward 

FIGURE 7. Time-averaged El Niño (2014–2015) spectral energy flux for 2.5 km and 8 km models, 
averaged over Regions A, B, and C from Figure 1.
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cascade from LRossby toward dissipation. 
The kinetic energy source for the inverse 
cascade is the dynamics at LRossby. The 
strength of surface kinetic energy cas-
cades varies considerably on interannual 
timescales. Through comparison with 
a model that has no topography above 
2,000 m, we were able to show that the 
presence of the steep, variable topogra-
phy also modifies the strength of surface 
kinetic energy cascades. Relative to the 
companion 2.5 km no- islands model, the 
strengths of both the inverse and the for-
ward cascades in the 2.5 km model with 
topography are roughly doubled, while at 
the same time, the distributions of nor-
malized surface relative vorticity are 
roughly the same in both models.

The asymmetrical distribution of sur-
face relative vorticity in the 2.5 km model 
with topography, with a skewness of 
0.25 ± 0.18 (more large positive than large 
negative relative vorticity), suggests that 
there is an ageostrophic (i.e.,  divergent) 
component of the flow, which is typically 
associated with frontogenesis and a for-
ward cascade of kinetic energy (Roullet 
and Klein, 2010). Nevertheless, the dis-
tributions of normalized relative vortic-
ity are approximately the same in both 
the 2.5 km and 2.5 km no-islands models. 
However, the peak of the surface current 
speed distribution (e.g.,  on January 16, 
2015, not shown) shifts slightly toward 
lower values in the 2.5 km no-islands case. 
This changes the peak of the distribution 
of associated (maximum) length scales, 
which depends on their ratio, in the 
2.5 km no-islands model toward smaller 
values. The zero crossing point of about 
300 km/cycle that separates the inverse 
and forward cascades is unchanged in 
both the no-islands and islands cases. 
This contradicts the hypothesis discussed 
in Scott and Wang (2005) that the islands 
interrupt the barotropization process that 
shortens this length scale. It is possible 
that the islands need to be larger in order 
to see this effect. The variable topog-
raphy modifies energy transfer across 
scales in a similar way to that from the 
submesoscale. The fact that the islands 
do affect the character of energy trans-

fer in the western tropical Pacific on long 
timescales suggests that they play a signif-
icant role on shorter timescales that are 
important for dynamical predictability.

Restricting our diagnoses to the sur-
face layer limits our ability to interpret 
the full effects of the topography on the 
energy transfer. Depth-dependent diag-
nostics of an eddy energy budget and 
spectral energy flux terms would be help-
ful for diagnosing the relative strengths 
of baroclinic and barotropic instabili-
ties. Development of a Fourier transform 
that can properly handle island disconti-
nuities would be a huge contribution to 
the field. However, this is the first attempt 
to show the effect of realistic topography 
on energy transfer in the western tropi-
cal Pacific. We leave the development of 
a noise-minimizing method for calculat-
ing horizontal spectral energy fluxes at 
depth in a σ-coordinate model with vari-
able bottom depth for future work. 
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